
Geophys. J. Int. (2021) 225, 1624–1636 doi: 10.1093/gji/ggab051
Advance Access publication 2021 March 10
GJI Geodynamics and Tectonics

Seismicity in the central and southeastern United States due to upper
mantle heterogeneities

Arushi Saxena , Eunseo Choi , Christine A. Powell and Khurram S. Aslam
Center for Earthquake Research and Information, University of Memphis, 3890 Central Ave, Memphis, TN 38152, USA. E-mail: asaxena@memphis.edu

Accepted 2021 January 28. Received 2021 January 26; in original form 2020 January 30

S U M M A R Y
Sources of stress responsible for earthquakes occurring in the Central and Eastern United
States (CEUS) include not only far-field plate boundary forces but also various local con-
tributions. In this study, we model stress fields due to heterogeneities in the upper mantle
beneath the CEUS including a high-velocity feature identified as a lithospheric drip in a recent
regional P-wave tomography study. We calculate velocity and stress distributions from numer-
ical models for instantaneous 3-D mantle flow. Our models are driven by the heterogeneous
density distribution based on a temperature field converted from the tomography study. The
temperature field is utilized in a composite rheology, assumed for the numerical models. We
compute several geodynamic quantities with our numerical models: dynamic topography, rate
of dynamic topography, gravitational potential energy (GPE), differential stress, and Coulomb
stress. We find that the GPE, representative of the density anomalies in the lithosphere, is an
important factor for understanding the seismicity of the CEUS. When only the upper mantle
heterogeneities are included in a model, differential and Coulomb stress for the observed
fault geometries in the CEUS seismic zones acts as a good indicator to predict the seismicity
distribution. Our modelling results suggest that the upper mantle heterogeneities and structure
below the CEUS have stress concentration effects and are likely to promote earthquake gen-
eration at preexisting faults in the region’s seismic zones. Our results imply that the mantle
flow due to the upper-mantle heterogeneities can cause stress perturbations, which could help
explain the intraplate seismicity in this region.

Key words: Numerical modelling; Seismicity and tectonics; Seismic tomography; Cratons;
Intra-plate processes.

1 I N T RO D U C T I O N

The tectonic setting of the Central and Eastern United States
(CEUS) includes complex fault systems formed by two continent-
scale episodes of rifting and collision (e.g. Keller et al. 1983; Hoff-
man et al. 1989; Thomas et al. 2006). Within these systems, favor-
ably oriented faults with respect to the present-day regional or local
stresses can get reactivated, generating earthquakes (e.g. Zoback
1992; Hurd & Zoback 2012). Indeed, the CEUS is characterized
by several intraplate seismic zones including the New Madrid Seis-
mic Zone (NMSZ), the Eastern Tennessee Seismic Zone (ETSZ),
the South Carolina Seismic Zone (SCSZ), the Giles County Seis-
mic Zone (GCSZ) and the Central Virginia Seismic Zone (CVSZ,
Fig. 1).

Far from the tectonic plate boundaries and known to have low
tectonic strain rates, earthquakes in the CEUS could be generated
by local, viscous flow concentrating stress in the crust. Diverse ori-
gins of these local perturbations have been proposed, which include
both crustal and lithospheric mantle heterogeneity. Kenner & Segall

(2000) proposed the presence of a weaker lower crustal zone within
an elastic lithosphere that acts as a local source of stress concentra-
tion. Pollitz (2001) suggested a geodynamic model for the NMSZ
consisting of a sinking mafic body in the weakened lower crust
that can transfer stress into an overlying, modelled elastic crust.
Levandowski et al. (2016) showed that stress produced by a high
density lower crust below the NMSZ interferes constructively with
the far-field tectonic stress, causing optimal stress orientations for
earthquake generation. Forte et al. (2007) showed that stress con-
centration below the NMSZ could be produced by the descent of
the Farallon slab using a global geodynamic and seismic tomog-
raphy based numerical model. Li et al. (2007) showed that lateral
heterogeneities in the lithosphere could concentrate stress in the
crust of the CEUS intraplate seismic zones. Chen et al. (2014)
and Nyamwandha et al. (2016) independently observed a low P-
wave velocity zone at 50–200 km depths below the NMSZ. This
was interpreted as a weak zone that acts as a conduit for stress
transfer into the crust. Becker et al. (2015) utilized a shear wave
tomography model to compute temperature and density anomalies
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Seismicity in the central and southeastern US 1625

Figure 1. A shaded relief map of the study area including the central
and southeastern U.S. seismic zones: New Madrid Seismic Zone (NMSZ),
eastern Tennessee Seismic Zone (ETSZ) South Carolina Seismic Zone
(SCSZ), Giles County Seismic Zone (GCSZ) and Central Virginia Seis-
mic Zone (CVSZ). White dashed line represents the well-sampled region
in the tomography results by Biryol et al. (2016) at a depth 130 km.
The earthquakes that occurred over the period December 2011–December
2018 and had Mw > 2.5 are plotted as coloured circles. The size and
colour of a circle represent the event’s magnitude and depth. The earth-
quake catalog is obtained from the United States Geological Survey at
https://earthquake.usgs.gov/earthquakes/search/, where earthquakes with
Mw > 2.5 in the United States are published.

to set up numerical models, and found that lithospheric heterogene-
ity plays a crucial role in predicting the intraplate seismicity for the
Western United States.

Similar considerations of crustal and mantle stress sources are yet
to be made for other CEUS seismic zones such as the ETSZ, SCSZ,
GCSZ and CVSZ. In a recent high-resolution P-wave tomography
study, Biryol et al. (2016) found positive velocity anomalies in
the upper mantle beneath the area in-between the ETSZ and the
NMSZ at depths of 200–660 km, and interpreted them as foundering
lithosphere. They further speculated that, since the NMSZ and the
ETSZ coincide with the boundaries of lithosphere thinned by the
drip, they are weakened by the underlying hot asthenosphere and
thus prone to seismicity.

In this study, we investigate the effects of the upper mantle het-
erogeneities found in the P-wave tomography study by Biryol et al.
(2016) on the seismicity in the CEUS. Using 3-D numerical mod-
els, we compute differential stress, Coulomb stress, gravitational
potential energy (GPE), dynamic topography and rate of dynamic
topography arising from the mantle flow generated from the hetero-
geneous temperature (or equivalently, density) variations converted
from the tomography model. Following previous studies that have
demonstrated correlation between differential stress (e.g. Baird et al.
2010; Zhan et al. 2016), deviatoric stresses (e.g. Levandowski et al.
2016), or topographic changes (Becker et al. 2015; Ghosh et al.
2019) with the observed intraplate seismicity, we will consider con-
tributions of the upper mantle heterogeneity to these stress fields,
GPE, dynamic topography, and rate of dynamic topography. Ghosh
et al. (2019) took a similar approach using different lateral viscosity
models, and studied how their predicted deviatoric stresses arising
from long wavelength density variations in the lithosphere and the

mantle, could explain the observed CEUS P-axes and the max-
imum horizontal compressive stress directions. However, Ghosh
et al. (2019) do not consider the Coulomb failure criterion, and dif-
fers from our study in the scale of heterogeneity investigated. Ghosh
et al. (2019) invoked lateral variations in viscosity which are de-
pendent on the global lithospheric structure (resolved to ∼105 km),
and the location of plate boundaries. In contrast, we consider short-
wavelength viscosity contrasts (variations over ∼15 km) originating
from the high-resolution heterogeneities in the upper mantle imaged
in the Biryol et al. (2016) tomography model.

2 S E I S M I C T O M O G R A P H Y A N D U P P E R
M A N T L E H E T E RO G E N E I T I E S

The tomography study by Biryol et al. (2016) is based on direct P
and PKPdf (P wave turning in the inner core) residual travel times
for IASP91 (Kennett & Engdahl 1991). The data are collected from
514 stations in the study region for 753 teleseismic earthquakes
occurring between 2011 and 2015 with moment magnitude, Mw >

5.5. The discretized model grid has a lateral extent of 30 km in
the centre and 45 km along the boundary of the domain. The depth
extent of the grid is from 36 to 915 km and consists of 21 layers,
but we are only interested in the features extending down to 660 km
for this study. The tomographic inversion algorithm is described in
detail in the supplementary information by Biryol et al. (2016). Only
model nodes with high quality (hit points) are used, and therefore,
only model results deeper than 60 km depth are interpreted by Biryol
et al. (2016).

Biryol et al. (2016) evaluate their inversion results with resolution
tests. The well-sampled region in the tomographic inversion shows
high-velocity anomalies with a mean amplitude of 1.9 per cent,
which are interpreted as lithospheric foundering (Fig. 2a). The
vertical cross-sections in Fig. 2 show that these anomalies start
at ∼200 km depth with lateral dimensions of ∼2◦ and extend to
660 km where they widen to ∼3◦ (marked in Fig. 2a). According to
the synthetic anomaly tests, the supposed foundering lithospheric
drip with these amplitudes and dimensions should be reliably re-
solved.

We also assess the performance of the regional tomography model
by Biryol et al. (2016) using global and contiguous U.S. tomography
models. Fig. 2 shows the vertical cross-section along latitude 36◦ for
four different tomography models: BNAP19 (P-wave tomography
model of the continental U.S. concentrating on the upper mantle
structure by Boyce et al. 2019), DNA13 (P-wave and S-wave veloc-
ity model for the contiguous United States by Porritt et al. 2014),
NA07 (S-wave velocity model of the upper mantle in North America
by Bedle & van der Lee 2009), and LLNL-G3Dv3 (Global P-wave
tomography model by Simmons et al. 2012). The high-velocity
anomalies observed by Biryol et al. (2016) can also be seen in the
BBNAP19 and DNA13 tomography models (dashed white lines in
Fig. 2). However, the colour scales in both the BBNAP19 (∂Vp
= ±1 per cent) and DNA13 (∂Vp = ±0.5 per cent) models clearly
show that the high-velocity anomaly is resolved in much higher
detail (∂Vp = ±3 per cent) in the Biryol et al. (2016) model. A
correspondence between the Biryol et al. (2016) model and NA07
and LLNL-G3Dv3 models is not observed. This is understandable
as NA07 is a shear wave velocity model while Biryol et al. (2016)
utilize P-wave traveltimes, and LLNL-G3Dv3 is a global tomogra-
phy model extending to the core–mantle boundary, which makes it
difficult to resolve regional anomalies.
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Figure 2. (a) P-wave tomography results by Biryol et al. (2016) for a layer at 170 km (left-hand panels) and a cross-section A–A′ through latitude 36◦
(right-hand panels). Dashed black line on the cross-section marks the approximate boundaries of the high-density anomalies interpreted as a foundering
lithospheric root. Dashed magenta line indicates the low-velocity region interpreted by Biryol et al. (2016) as asthenospheric return flow due to the foundering
lithosphere. The thick white arrow shows the direction of the return flow as speculated by Biryol et al. (2016) and the thin white arrows shows the lateral extent
of the anomaly discussed in the text. (b) Cross-sections along 36◦N of the published tomography models, BBNAP19, DNA13, NA07 and LLNL-G3Dv3. Data
were retrieved from the IRIS data management centre https://ds.iris.edu/ds/products/emc/ (Trabant et al. 2012). See the main text for more information and
references for each model. The white dashed lines in the BBNAP19 and the DNA13 models show the outline of the high-density anomaly observed in detail
by Biryol et al. (2016).

3 M O D E L L I N G I N S TA N TA N E O U S
M A N T L E F L OW

3.1 Temperature calculations

Inferring temperature from the seismic velocity anomalies has pri-
mary importance for our modelling approach because it will deter-
mine both the driving buoyancy force and the viscous resistance.
We follow Cammarano et al. (2003)’s approach, with a few excep-
tions, to calculate temperatures from the seismic velocity anomalies.
This approach takes into account the effects of anharmonicity (i.e.
elasticity), anelasticity and the phase transition at 410 km depth. In-
version of seismic tomography to a temperature field is commonly
regarded as a non-linear problem due to the shear anelasticity of
seismic waves (Minster & Anderson 1981; Karato 1993; Sobolev
et al. 1996; Goes et al. 2000; Artemieva et al. 2004) and non-linear
sensitivity of elastic moduli and their pressure derivatives to temper-
ature (Duffy & Anderson 1989; Anderson et al. 1992; Cammarano
et al. 2003; Stixrude & Lithgow-Bertelloni 2005). The presence
of melt or water may also introduce non-linearity in temperature
effects on seismic velocities (Karato & Jung 1998) but the effects
of melt and fluids are not considered in this study because of the
lack of high heat flow and other substantial evidence for melting
in this region of the mantle (Blackwell et al. 2006). Our inversion
procedure is fully detailed in Appendix A.

The laterally averaged scaling of velocity anomalies to the in-
verted temperatures (∂Vp/∂T) is shown in Fig. 3. The non-linear
sensitivity of P-wave velocity anomalies to temperature perturba-
tions with depth can be seen from Fig. 3. The average ∂Vp/∂T is

Figure 3. Depth profile of the laterally averaged P-wave velocity sensitivity
to temperature. See text for the details of calculations.

found to be −0.80 per cent per 100◦K and −0.62 per cent per 100◦K
at two representative depth layers of 200 and 605 km, respectively.
These values are consistent with those in Cammarano et al. (2003):
−0.75 ± 0.15 per cent per 100◦K and −0.65 per cent per 100◦K
at the same depths, along the mantle adiabats 1300 and 1600 ◦C,
respectively, used in this study.
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Figure 4. Model domain and cross-sections of the modelled viscosity using
the temperatures based on the regional tomography by Biryol et al. (2016).
Grey isosurface represents P-wave anomalies >2 per cent in the region
interpreted as lithospheric foundering. The state boundaries are drawn in
solid black and red dots are epicentres for the earthquake catalogue used in
Fig. 1. The boundary conditions are annotated on the bottom left.

3.2 Model setup

We compute velocity and stress fields that are in equilibrium with
heterogeneous buoyancy forces arising from the heterogeneous
distribution of temperature-dependent density. For this calcula-
tion, we use an open-source finite element code, ASPECT version
2.0.0 (Kronbichler et al. 2012; Heister et al. 2017; Rose et al. 2017;
Bangerth et al. 2018). ASPECT can solve the equations for the con-
servation of mass, momentum and energy using an adaptive finite
element method for a variety of rock rheologies.

Our model domain is laterally bounded by longitudes, 71◦W and
95.5◦W and by latitudes, 23◦N and 43◦N. The depth range is from
0 to 660 km (Fig. 4). The domain is discretized into 0.512 million
hexahedral elements with a 0.15◦ resolution in longitude, 0.125◦

in latitude and 35 km in depth. This spatial resolution is similar to
that of the tomography and thus, sufficient for resolving the mantle
velocity structure shown by the tomography model.

We assessed mesh resolution effects by running a model with a
two times finer mesh having 2.048 million elements and found that
differences in the results were small, amounting to a relative error
of 2 per cent in the velocity field. All the model results presented
in this study are thus based on the coarse mesh for computational
efficiency. We also tested a model with an additional lateral area
of 5◦ by 5◦ surrounding our domain to asses boundary effects.
The overall resultant velocity and stress field are similar to those
for the smaller model domain, but the magnitude of the calculated
stress and velocity field at our depth of interest (15 km) near the
boundaries is smaller by 10–15 per cent because the viscous effect
of the same heterogeneity is now spread over a larger area. However,
since the seismic zones are sufficiently far from the model domain
boundaries, we show only the results for the smaller domain.

The upper mantle is typically assumed to deform by a dislocation
creep at low temperatures relative to the melting temperatures of
mantle rocks and by a diffusion creep at higher temperatures with
respect to the melting temperatures (e.g. Gordon 1967). Our model
uses a composite rheology with both dislocation and diffusion creep
having different contributions depending on the temperature and

pressure. In this rheology model, the effective viscosity (ηeff) is
computed as (Billen & Hirth 2007):

ηi = 1

2
A

− 1
ni

i d
mi
ni ε̇i

1−ni
ni exp

(
Ei + PVi

ni RT

)
, i = diff or dis, (1)

ηeff =
(

1

ηdiff
+ 1

ηdis

)−1

, (2)

where diff and dis denote diffusion and dislocation creep, Ai is the
pre-exponential factor, ni is the power law exponent, d is the grain
size, mi is the grain size exponent, ε̇ is the second invariant of the
strain rate tensor, R is the gas constant, T is temperature obtained
from the inversion of the Vp anomalies, P is pressure and Ei and Vi

are the activation energy and volume, respectively. All the parameter
values used in this study are given in Table 1.

It should be noted that our modelled viscosities are dependent on
the temperature distribution inverted from the tomography model
(described in Appendix A). The distinction between the lithospheric
mantle and the sublithospheric mantle is included in our model by
the temperature change with depth, and therefore, by the computed
viscosities. We do not consider a crustal compositional layer because
the tomography model considers only the upper mantle starting from
a depth of 36 km; there are no lateral variations in the viscosity in
the crust. This assumption for the crust is appropriate here, since
we are interested in the effects of the lateral viscosity variations
at deeper depths using differences in model outputs (HT−HM and
HT−HR in Fig. 5).

The bottom boundary at 660 km has the free-slip condition (e.g.
Arcay et al. 2007; Billen & Hirth 2007; Quinquis et al. 2011). For
side boundaries, we tested our model with both free-slip and no-slip
conditions and verified that the velocity fields at the seismic zones
have the same pattern but up to 5 per cent magnitude difference in
our region of interest. In this study, we only show the results for
the no-slip conditions. We let the top boundary be a free surface,
which was developed by Rose et al. (2017) in ASPECT, that can
generate topography in response to the instantaneous flow in the
mantle.

3.3 Geodynamic quantities

We compute three measures from our numerical model to be tested
for their relevance to seismicity: GPE, dynamic topography and rate
of change of dynamic topography. We also compute three stress
indicators: Differential stress, Coulomb stress at observed fault ge-
ometries and optimal Coulomb stress in models isolating the effects
of upper mantle heterogeneity and the foundering lithosphere. We
collectively refer to these six quantities as geodynamic quantities in
this study.

Molchan curves (Molchan 1990, 1991) and their associated skill
(S) (Becker et al. 2015) are computed to quantify the earthquake
prediction power of the six geodynamic quantities listed above.
The predicting quantity (‘predictor’) is first expressed as a fraction
of ‘occupied’ space where the predictor is less than or equal to a
value in the space. This mapping implies that the maximum and the
minimum value of the predictor has occupied space equal to 1 and 0,
respectively. Next, we find the fraction of earthquakes that occurred
outside the space occupied by the value of the predictor, referred to
as the fraction of missed earthquakes. We define a Molchan curve
as a plot of fractions of missed earthquakes against fractions of
occupied space. When the occupied space fraction of a geodynamic
quantity is 0, all the earthquakes will be missed so the fraction of
missed earthquakes is 1. When the occupied space fraction is 1,
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Table 1. Values of parameters for dislocation and diffusion creep.

Parameter Symbol Unit Diffusion creep Dislocation creep

Pre-exponential factora A s−1 1.5 × 10−16 0.3 × 10−22

Power law exponenta n 1 3.5
Grain size exponenta m 2 0
Activation energya E kJ mol−1 300 530
Activation volumea V

cm3 mol−1
6 20

Grain sizeb d mm 5 5

Note: aKarato & Wu (1993). bApproximate value for olivine (Karato 1984).

Figure 5. Cross-section along 36◦N across three models: HeTerogeneous (HT), homogeneous mantle (HM) and homogeneous root (HR) models. Stress
changes in HT are computed relative to HM (HT−HM) or to HT (HT−HR). HT−HM represents the effects of the whole upper mantle heterogeneity and
HT−HR those of the lithospheric drip only.

the space will include all the earthquakes, making the fraction of
missed earthquakes equal to 0. This implies that these curves are
fixed with the boundary conditions of {0,1} and {1,0}. The skill
for each predictor is computed as the area of the curve above the
Molchan curve minus 0.5, such that a pure random predictor has S
= 0, a pure correlation has S = 0.5, and a pure anti-correlation has S
= −0.5. In this study, the Molchan curves are computed collectively
for all the seismic zones of the CEUS (Fig. 6a).

3.3.1 Gravitational potential energy

We calculate GPE per unit area in our model domain (Fig. S1)
following the thin-sheet approximation described in Ghosh et al.
(2009) as:

GPE =
∫ L

−h
zρ(z)gdz, (3)

where ρ(z) is the density at a depth z, g is the acceleration due
to gravity taken as 9.8 m s–2, h is the surface topography and L
is the assumed compensation depth used as 200 km. We choose
this depth to represent the approximate thickness of the lithosphere
for the continents (McKenzie et al. 2005). Due to unavailability
of the crustal structure in the tomography model by Biryol et al.
(2016), we use the CRUST1.0 (Laske et al. 2013) model for crustal
thickness and density distribution, and a lithospheric mantle with
density distribution computed from the seismic tomography (see
Appendix A for details).

3.3.2 Dynamic topography and its rate

The dynamic topography for our model is computed in AS-
PECT (Austermann et al. 2015). This quantity represents the ra-
dial stress at the surface due to the mantle flow generated from
the buoyancy effects based on the heterogeneous temperature dis-
tribution in the model (Fig. S1). We compute the rate of dynamic
topography by computing the change in dynamic topography be-
tween our instantaneous model and our model run forward in time
for 10 000 yr (Becker et al. 2015, Fig. S1).

3.3.3 Differential and Coulomb stress changes

We define static Coulomb stress changes (�C) for a model with re-
spect to another model as the difference in Coulomb failure function
(CFF, King et al. 1994):

�C = �τ − μ′�σn, (4)

where �τ and �σ n are the difference between the models in shear
(positive in the direction of slip) and normal (positive when com-
pressive) stress, respectively, for a particular fault orientation, and
μ′ is the effective coefficient of friction after accounting for pore
pressure. Since we do not have sufficient constraints on the effective
friction coefficients (μ) for the faults in the study area, we use a
value of 0.6 as done by Hurd & Zoback (2012) and Huang et al.
(2017) for a similar study region. At lower μ, as suggested in the
western United States (Townend & Zoback 2004), the faults would
fail easier. Therefore, our choice of μ conservatively computes the
CFF for our numerical models. CFF values are computed for the
selected fault geometries based on the focal mechanisms and earth-
quake relocations (Table 2) at 15 km depth in all the seismic zones
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Figure 6. (a) Locations of the CEUS seismic zones plotted on the top surface of the model domain. Red dots are the nodes of the mesh that belong to the
CEUS seismic zones for which the Molchan curves of Coulomb stress and the optimal Coulomb stress are computed. The box BB’CC’ indicates the region for
which all the other Molchan curves are calculated. (b) Molchan curves for dynamic topography (hdyn), the rate of dynamic topography change (dhdyn/dt) and
gravitational potential energy (GPE) for the HT model. (c) Molchan curves for change in differential stress (�σ diff), Coulomb stress change for the observed
fault orientations at each seismic zone (Table 2) (�C) and Coulomb stress change for the optimal fault geometry where the shear stress is maximum (�Copt).
All are computed for HT−HM. (d) Same as (c) but for HT−HR.

Table 2. Dominant fault geometries in the CEUS seismic zones.∗

Seismic zone Strike, dip Sense of motion Reference

NMSZ NE N10◦E, 90◦ right-lateral Chiu et al. (1992); Shumway (2008)
NMSZ RF N167◦E, 30◦SW thrust Csontos & Van Arsdale (2008)
ETSZ 1- N10◦E, 90◦; 2- E-W, 90◦ right-lateral; left-lateral Chapman et al. (1997); Cooley (2015); Powell & Thomas (2016)
GCSZ E-W, 90◦ left-lateral Munsey & Bollinger (1985)
CVSZ N30◦E, 50◦SE thrust Wu et al. (2015)
SCSZ N180◦E, 40◦W thrust Chapman et al. (2016)

Note: ∗NMSZ NE, North eastern arm of New Madrid Seismic Zone; NMSZ RF, Reelfoot fault of the New Madrid Seismic Zone; ETSZ, Eastern Tennessee
Seismic Zone; GCSZ, Giles County Seismic Zone; CVSZ, Central Virginia Seismic Zone; SCSZ, South Carolina Seismic Zone.

(Figs S3 and S4). The details of the Coulomb stress computation
are in Appendix B. Differential stress, σ diff ≡ σ 1 − σ 3, is compared
between different models with a similarly defined quantity, �σ diff.

To facilitate comparison of models with and without the local
upper-mantle heterogeneity, delineated by the velocity anomaly iso-
surface in Fig. 4, we denote our reference model with tomography-
based temperatures plus the reference geotherm as HT (HeTeroge-
neous), a model with the reference geotherm in the upper mantle
as HM (HoMogeneous), and a model identical with HT except
that the temperature within the foundering lithosphere is replaced
with the reference geotherm values as HR (Heterogeneous but
having no Root). HT−HM represents the contributions from the
mantle flow generated only due to the upper mantle heterogene-
ity (>60 km), while HT−HR shows only the contribution of the
high-velocity structure interpreted as the foundering drip. Fig. 5
shows a cross-section of the tomography illustrative of these model

setups. Coulomb stress changes, �CHT − HM and �CHT − HR, indi-
cate whether and how much the stress field in the model HT would
promote the slip tendency of a fault relative to stress fields in HM
and HR. For instance, a positive �CHT − HM for a fault geometry
and a sense of motion means that the mantle heterogeneities con-
sidered in HT promote the failure of the fault relative to the laterally
homogeneous mantle (HM).

3.3.4 Optimal Coulomb stress

We define the optimal fault orientation as the one maximizing the
Coulomb stress changes of HT relative to HM (�CHT − HM), and
for HT relative to HR (�CHT − HR). We calculate the optimal fault
orientation using a grid search over strikes from N90◦E to S90◦E and
dips from 10◦ to 90◦ at an interval of 10◦ for the possible senses of
motion: right- and left-lateral strike-slip, normal and thrust faulting.
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The optimal fault orientation could also be calculated analytically
using two successive stress rotations (one to align a plane at a strike
angle and then a rotation to a fault dip), and then solving for the
strike and dip angles that maximize the �C. Since we are also
interested in the �C distribution over the range of strikes and dips,
we use the grid search method.

4 M O D E L R E S U LT S

The Molchan curves for the geodynamic quantities, except the
Coulomb stress and the optimal Coulomb stress, are computed for
all the model points in the seismic zones of the CEUS: ETSZ, SCSZ,
CVSZ, GCSZ and NMSZ (shown in Fig. 6a) which are contained
in the well-resolved region in the Biryol et al. (2016) tomography.
Since each seismic zone has a corresponding fault geometry, only
the points within that seismic zone are accounted for when calcu-
lating the Molchan curves of the Coulomb stress and the optimal
Coulomb stress (Fig. 6a).

The geodynamic quantities, GPE, hdyn and dhdyn/dt, are computed
at the top surface for our reference model, which is based on the
tomography converted temperatures and viscosities (HT, Fig. 5) in
Fig. S1. Both the dynamic topography and its rate show negative
skills for prediction of earthquakes (Fig. 6b). The skill of dynamic
topography is −0.06 and that of the rate of dynamic topography is
even more negative, −0.16. The GPE shows a high positive skill of
S = 0.22.

Changes in the stress indicators, differential and Coulomb stress,
for the HT−HM case are computed at a depth of 15 km (Figs S3
and S5), at which seismicity in the study area is most frequent (e.g.
Mazzotti & Townend 2010). The Coulomb stress changes, �C,
in Figs S4 and S5 are calculated for each seismic zone using the
corresponding fault geometries mentioned in Table 2. These stress
changes account for the effects from heterogeneities in the entire
upper-mantle. Molchan curves for �σ diff, �C and �Copt are shown
in Fig. 6(c); and the skills of all three indicators are strongly positive:
0.22, 0.27 and 0.29, respectively.

Stress indicators computed for the HT−HR case are plotted in
Figs S4 and S6 and their corresponding Molchan curves in Fig. 6(d).
These stress changes represent the isolated effects of the lithospheric
drip. �σ diff negatively correlates (S = −0.23) with the observed
earthquake distribution. �C for the observed fault geometries shows
minimal correlation (S = −0.07) with the seismicity, while �Copt

shows a highly positive skill, 0.24.

5 D I S C U S S I O N

The Molchan analyses of the geodynamic quantities for our models
suggest that GPE is the best indicator of the seismicity, implying
a good correlation between the seismicity and the areas of high
GPE (highest skill, S = 0.22, in Fig. 6b). The GPE values repre-
sent the integrated vertical stress arising from the laterally varying
lithospheric densities. The high GPE areas have more earthquakes
because these are also the regions with thinned crust, and therefore,
thicker high-density lithospheric mantle, based on the tomography
model used in this study (fig. 10 in Biryol et al. 2016). The high
predicting power of GPE suggests that the lateral density and thick-
ness variations of the lithosphere are important factors to consider
in understanding the earthquake generation in the CEUS. Although
the rate of dynamic topography showed a good correlation with
seismicity in the western United States (Becker et al. 2015), its
skill in the model HT is negative, S = −0.16 (Fig. 6b). With S

Figure 7. Maximum horizontal stress directions (SHmax) from the HT
model (grey lines) at 15 km depth and from the focal mechanism inversion
study by Levandowski et al. (2018) (magenta lines). The background colour
map represents the stress regime parameter (R) for the model HT at 15 km
depth. The white areas are the regions where R is not computed.

= −0.06, the dynamic topography itself is not a good predictor,
either. This contrast in the predicting powers of vertical stress at
the top surface (hdyn and dhdyn/dt) and the GPE indicates that the
CEUS seismic zones are better correlated with lithospheric mantle
or crustal density heterogeneities than with the stresses arising due
to sublithospheric mantle flow (i.e. deeper bouyancies). Although
further study is needed, our finding also suggests that the rate of
dynamic topography might be a useful indicator of seismicity in a
rather special situation such as in the tectonically active Western
United States.

The overall skill associated with the stress indicators of the
HT−HM model (Fig. 6c) is stronger than the HT−HR model
(Fig. 6d). This is consistent with the high skill measure of the GPE
in the HT model (Fig. 6b), since the total mantle density anomalies,
as accounted in the HT−HM model, give rise to the GPE. Differ-
ential stress change for the HT−HM model, �σ HT−HM

diff , shows a
positive correlation with the observed seismicity (Fig. 6c). On the
other hand, the lithospheric drip alone has a negative correlation
with the earthquake locations in this region (Fig. 6d). Although the
positive values of differential stress changes suggest an increased
potential for seismicity, even the greatest value of �σ HT−HM

diff ∼ 30
MPa in the ETSZ (Fig. S2) is an order of magnitude less than the
value required for the generation of faults at crustal depths of 10–
20 km (using appropriate values for crust in Byerlee’s Law). This
deficiency in magnitude requires other contributions for explaining
the seismicity in the CEUS like weak existing faults created dur-
ing the past several Wilson cycles (Thomas et al. 2006) or long
wavelength boundary stresses as suggested by Ghosh et al. (2019).
From our Coulomb stress change calculations for the observed fault
geometries of the seismic zones (Table 2), we find that these faults
are more loaded towards failure in the heterogeneous upper mantle
relative to a homogeneous upper mantle (Fig. 6c, S3). As expected
from the definition of the optimal Coulomb stress (�Copt), the skill
for both the cases HT−HM and HT−HR at each seismic zone is
maximum among all the stress indicators (Figs 6c and d).

We compare the directions of maximum horizontal stress
(SHmax) computed from the model HT at the depth of 15 km,
the depth at which most earthquakes in this region occur (Mazzotti
& Townend 2010), with the SHmax from the study by Levandowski
et al. (2018) (Fig. 7). These authors utilized focal mechanisms for
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Figure 8. Velocity (arrows) and viscosity fields from the model HT on the
slice AA′ (marked on Fig. 4). Large velocities observed west of the NMSZ
and out of the plane correspond to the upward return flow in reaction to the
downward pull of the lithospheric drip.

the contiguous United States to obtain their stresses. The SHmax val-
ues from our model roughly match those obtained by Levandowski
et al. (2018) in all the seismic zones but the ETSZ (Fig. 7). The angu-
lar deviation of our modelled SHmax values with the inverted SHmax
results averaged over each seismic zone considered in Fig. 7 is ap-
proximately 20◦, 68◦, 4◦, 12◦ and 15◦ for the NMSZ, ETSZ, GCSZ,
CVSZ and SCSZ, respectively. SHmax based on HT is NNW–SSE
in the ETSZ, differing from the NE–SW direction determined us-
ing focal mechanism solutions by Levandowski et al. (2018) and
by Mazzotti & Townend (2010). This misfit in the SHmax of the
ETSZ has also been observed by Ghosh et al. (2019) (Fig. 7 of the
paper) in their numerical models with lateral viscosity contrasts in
the crust and the upper mantle. A possible reasoning for this misfit
is stress concentration along the boundary of the strength contrast
in the basement crustal rocks (Powell et al. 1994), which is difficult
to resolve in a global tomography study used by Ghosh et al. (2019)
or a regional mantle tomography study used here.

The distribution of stress regime parameter, R, (Delvaux et al.
1997; Simpson 1997), computed based on the model HT at 15 km
depth, shows that the dominant faulting styles are thrust for the
NMSZ NE, and oblique-thrust for the GCSZ (Fig. 7). These
stress regimes are consistent with the proposed faulting styles
in Levandowski et al. (2018) for these zones, but differ from the
selected studies in Table 2 which suggest strike-slip for the GCSZ
and the NMSZ NE. The HT model predicts normal faulting at
the SCSZ and the CVSZ. These zones are associated with thrust
faulting in Levandowski et al. (2018), and the studies mentioned
in Table 2. This discrepancy between the modelled and predicted
faulting style at the CVSZ and the SCSZ occurs because our model
does not account for compressive tectonic stresses due to ridge
push and long-wavelength crustal and mantle viscosity contrasts
(i.e. between cratons and weak plate boundaries), which are highest
at these zones due to the proximity to the plate boundary. Within
the ETSZ, a strike-slip mechanism has been suggested by other
studies (Chapman et al. 1997; Mazzotti & Townend 2010; Powell
& Thomas 2016) which agrees with our model result, but differs
with Cooley (2015) and Levandowski et al. (2018) who find nor-
mal faulting in the ETSZ. This discrepancy may be because Cooley
(2015) and Levandowski et al. (2018) consider new focal mech-
anism data in their stress inversions indicating a propensity for
normal faulting in the ETSZ.

A broad downward flow is found below both the NMSZ and ETSZ
in the velocity field (Fig. 8) in the cross-section AA′ of the model
HT (marked in Fig. 4). The descending flow induces upwellings
along the edges of the model domain. The upwellings are observed
at the surface as features F1 and F2 marked in Fig. S2. The broadly

downward flow due to the lithospheric drip is not consistent with
the asthenospheric upwelling that Biryol et al. (2016) proposed
would occur as a counter-flow to the drip. However, asthenopsheric
upwelling cannot be reliably rejected because the velocity field in
our model depends on various parameters including the viscosity of
the asthenosphere and the boundary conditions. Lower viscosity of
the asthenosphere, for instance, would reduce the lateral extent of the
downward drag by the lithospheric drip such that the region beneath
the NMSZ might not be affected as strongly as in the current model.
We ran models with only diffusion creep and only dislocation creep
and found similar flow directions but a different flow law might alter
the flow pattern around the high-density foundering lithosphere. A
model with depth dependent viscosity with a high viscosity layer
in the transition zone would inhibit a downward flow from the
high-density lithospheric drip, making the velocity vectors turn at
shallower depths.

Forte et al. (2007) presented numerical models involving vis-
cosities based on the joint inversion of seismic and geodynamic
data and observed a downward vertical flow beneath the NMSZ,
that interacts with the overlying lithosphere to generate seismicity.
Comparing our flow field with the results from Forte et al. (2007),
we can see a similar vertical flow at depths of 300–500 km, but
the velocity patterns at shallower depths differ significantly. A pos-
sible reason for the mismatch is the difference in the tomography
studies utilized for the numerical models. Our study incorporates
a regional tomography model (Biryol et al. 2016), while the Forte
et al. (2007) model is a global model focusing on much larger
wavelength anomalies.

This study focuses on the contribution from local stress pertur-
bations due to the upper mantle heterogeneities on the seismicity
of the CEUS. Other likely mechanisms to explain the earthquakes
in this region include the presence of spatially limited weak zones
activated under plate boundary stresses, and stress concentrations
due to large-scale viscosity variations, such as cratons and plate
boundaries. The idea of finite weaknesses under far-field stress has
been studied previously by Kenner & Segall (2000) and Zhan et al.
(2016) for the NMSZ. Kenner & Segall (2000) proposed a model
with a weak lower crustal zone within an elastic lithosphere that
acts as a local source of stress concentration from the far-field
stresses. Similarly, based on a regional tomography model by Pol-
litz & Mooney (2014), Zhan et al. (2016) found that weak upper
mantle inferred from low seismic velocities can focus stress in
the NMSZ crust. Ghosh et al. (2019) found that large-scale litho-
spheric structure variations (and, therefore, viscosities) could alter
the strain-rates, and affect the seismicity of the CEUS. The regional
stress direction is northeast–southwest compressive stress for the
CEUS (Zoback & Zoback 1989). It might be possible to superim-
pose the contributions from the plate boundary, large-scale stress
sources, and local stress sources for a first-order understanding us-
ing a viscoplastic model that accounts for pre-existing weaknesses.
However, our model is based on the upper-mantle tomography study
and does not account for the spatially limited crustal weak zones
(fault zones), or the stress concentration from the large-scale mantle
flow. This complexity is outside the scope of this study and is not
addressed further.

Time dependent modelling will be needed to address the mech-
anism for the origin of a foundering drip in the CEUS. It has been
proposed by Biryol et al. (2016) that the lithospheric foundering
could have started due to Rayleigh-Taylor instability associated
with the presence of an eulogized root as proposed by Le Pourhiet
et al. (2006) in the western United States. Such an investigation
in this region would call for more sophisticated techniques such as
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backward advection modelling (e.g. Conrad & Gurnis 2003), quasi-
reversibility (Glišović & Forte 2016) or adjoint methods (e.g. Bunge
et al. 2003; Liu et al. 2008) for the calculation of initial conditions
on temperature, viscosity and density, which has not been done in
this study.

It is also possible that the dense high-velocity mantle feature
imaged by Biryol et al. (2016) is part of the subducted Farallon
slab below this region (Schmid et al. 2002; Mooney & Kaban 2010;
Sigloch et al. 2008; Schmandt & Humphreys 2010; Sigloch 2011).
Schmid et al. (2002) used kinematic thermal modelling to track the
subduction history of the Farallon slab and found that the Farallon
lithosphere continues to the central United States and is still a
negative thermal anomaly observable in the seismic tomography
studies. Mooney & Kaban (2010) computed the gravity signal from
the upper mantle for North America and observed a large gravity
high in the southeastern United States, which they attributed to the
east-dipping Farallon slab. Schmandt & Humphreys (2010) present
Vp and Vs tomographic images for the western United States and
interpret their positive velocity anomalies in the Rockies as the
eastward dipping segmented Farallon slab. Sigloch et al. (2008);
Sigloch (2011) present P-wave tomography for North America to
a depth of 1800 km, and interpret a high-velocity anomaly in the
CEUS at the mantle transition depths as a stagnant fragment of the
Farallon slab. We do not comment on the origin of this high-velocity
feature but follow the naming convention by Biryol et al. (2016) as
a drip in this study. Additional observations such as low dynamic
topography at the surface would be required to confirm if the high
velocity is indeed attached to the lithosphere or is a remnant Farallon
slab.

6 C O N C LU S I O N S

In this study, we advance the understanding on the role of upper
mantle stress perturbations in the generation of intraplate seismic-
ity by utilizing the highest upper mantle resolution tomography
study (Biryol et al. 2016) to date for setting up numerical models
with laterally heterogeneous viscosity and density. We also explore
the isolated effects of upper-mantle heterogeneity and a positive
P-wave velocity anomaly, interpreted by Biryol et al. (2016) as
a lithospheric drip in our numerical models. We follow the novel
Molchan analysis approach to quantify various earthquake metrics
with their corresponding skills, S, following the work by Becker
et al. (2015) in the Western United States. We compute earthquake
predictors for our numerical models, such as the rate of creation of
dynamic topography and GPE, which have not been investigated in
the previous studies.

Our analysis of various earthquake predictors to understand the
seismicity in the CEUS has revealed that the lateral upper-mantle
heterogeneity below this region plays a significant role in increasing
the differential stress (S = 0.22) and Coulomb stress (S = 0.27)
at observed fault geometries. Moreover, we also find that upper
mantle structural heterogeneity and density anomalies measured
using GPE (S = 0.22) are important for understanding deformation
in this region. The stress indicators for the model with only the
lithospheric drip do not show correspondence with the observed
seismicity pattern. Therefore, our results indicate that the upper
mantle flow generated from all the upper mantle heterogeneity is
essential to provide a possible mechanism for reactivation of the
faults in the intraplate seismicity of the CEUS. This, in turn, helps
to better associate seismic hazard with the seismic zones in the
CEUS.
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S U P P O RT I N G I N F O R M AT I O N

Supplementary data are available at GJI online.

Figure S1. Computed (a) rate of dynamic topography change, (b)
dynamic topography and (c) gravitational potential energy, for the
HT model at the depth of 15 km. The red dots represents the earth-
quake epicentres.
Figure S2. (a) Differential stress changes in the HT.HM case (�σ

diff) at a depth of 15 km. Black dots are earthquake epicentres
from USGS data between 2011–2018. Grey lines denote the U.S.
state boundaries. Seismic zones investigated in this study are the
northeastern arm of the New Madrid Seismic Zone (NMSZ NE),
Eastern Tennessee Seismic Zone (ETSZ), South Carolina Seismic
Zone (SCSZ), Giles County Seismic Zone (GCSZ) and Central
Virginia Seismic Zone (CVSZ). F1 and F2 indicates the areas of
anomalously high values of �σdiff. Dashed magenta line marks
the boundary of the foundering at 605 km depth. The box BB‘CC’
indicates HT.HR the region enlarged in subsequent figures. (b) Dif-
ferential stress change for HT.HR (�σdiff) in a region centred on
the ETSZ.
Figure S3. Coulomb stress change (�C) for HT.HM calculated for
different fault orientations in Table A1) at 15 km depth. Seismic
zone(s) and their corresponding optimal fault geometries are men-
tioned for each subplot: (a) Eastern Tennessee Seismic Zone (ETSZ)
and Giles County Seismic Zone (GCSZ), left lateral vertical fault
striking EW, (b) ETSZ and Northeastern arm of the New Madrid
Seismic Zone (NMSZ NE) and right lateral vertical fault striking
N10◦E, (c) Central Virginia Seismic Zone (CVSZ) and thrust fault
dipping 50◦SE striking N30◦E, (d) South Carolina Seismic Zone
(SCSZ) and thrust fault dipping 40◦W striking N–S.
Figure S4. Same as Fig. S3 but for HT-HR
Figure S5. Coulomb stress change, �C, for HT–HM at their optimal
fault orientations. Seismic zones (magenta) and their corresponding
optimal fault geometries are mentioned for each subplot.
Figure S6. Same as in Fig. S5 but for HT–HR.

Please note: Oxford University Press is not responsible for the con-
tent or functionality of any supporting materials supplied by the
authors. Any queries (other than missing material) should be di-
rected to the corresponding author for the paper.

A P P E N D I X A : A P P E N D I X : S E I S M I C
T O M O G R A P H Y I N V E R S I O N

The effects of composition at high temperature and pressure are in-
corporated in seismic velocity following Cammarano et al. (2003)
in which the elastic moduli (K, G) and densities (ρ) at reference
temperature T0 and pressure P0 are first extrapolated at high tem-
peratures (T) and then adiabatically at high pressures (P) following
finite-strain extrapolation (Duffy & Anderson 1989). The calcu-
lations are divided at pressures 12.5 GPa to account for phase
transformation of olivine to β spinel at 410 km.

To calculate density at high pressures, a mantle adiabat with po-
tential temperature (Tpot) 1300 ◦C was chosen for depths ≤410 km
and 1600 ◦C for deeper depths up to 660 km. Strain (ε) is first cal-
culated at known pressures (based on PREM model by Dziewonski
& Anderson (1981)) using K0, G0 and their pressure derivatives,
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Figure A1. Depth profile of the reference temperature used, with respect to
which, we compute the temperature anomalies using the input tomography
model.

K ′
S , G′ (Table A1). Reference density calculated at the potential

temperature and zero pressure [ρ(Tpot, P0)] is then used to get the
density ρ(P, T).

P = −(1 − 2ε)5/2

[
3K0 ε + 1

2

(
9K0(4 − K ′

S)
)
ε2

]
,

ε = 1

2

[
1 −

(
ρ(T, P)

ρ(Tpot, P0)

)2/3
]

ρ(Tpot, P0) = ρ(T0, P0) exp

(
−

∫ Tpot

T0

α(T )dT

)
,

where thermal expansivity, α(T) = α0 + α1T is truncated after
the second term. Density changes due to temperature, T from the
reference geotherm, To and pressure are calculated from above as:

δρ = ρ(T0, P0)exp

[
−

∫ T

T0

α(T ′)dT ′
]

α(T ))(T − To). (A1)

Temperature dependence on K G, is assumed linear while
changes in K ′

S , G′ is calculated from the procedure in (Duffy &
Anderson 1989) as:

δM |T,P0 = ∂ M

∂T
(T − To)

δM ′|T,P0 =
(

M ′(T0)exp

[∫ T

T0

α(T )dT

]
α(T )

)
(T − To),

where M is either K or G, δM, δM′ are changes in elastic modulus
and its pressure derviate due to temperature T.

Elastic moduli changes are then evaluated at high pressures using
second-order extrapolation order expansion (Duffy & Anderson
1989):

δK + 4

3
δG = (1 − 2ε)5/2

[
M1 + ε

(
5L1 − 3

∂K

∂T
(T − To)[

K ′ + 4

3
G ′

]
− 3K0 M2

)]
,

where, M1 = δK |T,P0 + 4

3
δG|T,P0; M2 = δK ′|T,P0 + 4

3
δG ′|T,P0

(A2)

The anharmonic velocity variations due to temperature and pres-
sure are then calculated using (A1), (A2) for each mineral and then
averaged using Voigt (constant strain) averaging scheme for the
reference composition, discontinuous across 410 km, described in
Section 3.1.

δV |anh = 1

2
√

K0 + 4/3G0
√

ρ0

[
δK + 4

3
δG

]

− K0 + 4/3G0

1ρ
3/2
0

(δρ) (A3)

Frequency dependence (anelasticity) of velocity with temperature
is incorporated following Goes et al. (2000):

δV |anel = Q−1
p

aH

2RT 2 tan(πa/2)
,

Q−1
p = Aωa exp

[
a(H + PV )

RT

]
3V p2

0

4V s2
0

(A4)

Here ω = 2π , values of laboratory constants, a = 0.15, A = 0.148,
activation energy H = 500 kJ mol–1, volume V = 20 cm3 mol–1 are
taken from Sobolev et al. (1996). Vs0 and Vp0 are S- and P-wave
velocities from IASP91 (Kennett & Engdahl 1991).

The reference temperature profile (T0) for lithospheric (i.e. <

200 km) depths is the one used in (Goes & van der Lee 2002) for
eastern United States and for greater depths, we follow fig. 4.56
from Turcotte & Schubert (2014) due to lack of evidence for re-
gional geotherms at deeper depths (Fig. A1). Thermal expansivity
(α) from Saxena & Shen (1992) (see Table A1). We assume a refer-
ence composition of harzburgite, that is 83 per cent olivine (ol), 15
per cent orthopyroxene (opx), 2 per cent garnet (gt) (McDonough &
Rudnick 1998) for depths 40–410 km or pressure (P) <12.5 GPa.
For depths from 410 to 660 km, we use a reference composition
of 60 per cent Mg-wadsleyite and 40 per cent Majorite (Haggerty
1995). We use Burnman, a mineral physics toolbox (Cottaar et al.
2014), to calculate the mantle adiabat with a potential temperature
of 1300 ◦C for P < 12.5 GPa, which is appropriate for continental
lithosphere (Rudnick et al. 1998) and 1600◦ for P > 12.5 GPa (Kat-
sura et al. 2010). Values for bulk modulus (KS), shear modulus
(G) and density (ρ) for each mineral in the composite are taken
from Cammarano et al. (2003) and are listed in Table A1.

We account for the anelastic effects on the seismic velocity by
correcting for the power law dependence of frequency on seismic
attenuation, Qp. We use linear pressure dependence on activation
enthalpy [H(P) = H0 + VP, V is the activation volume] in calculating
Qp [model 2 described in Sobolev et al. (1996)]. Another way
to correct for pressure dependence on enthalpy is using melting
temperature dependence [model 1 in Sobolev et al. (1996), i.e.
H(P) = gRTm where g is constant and Tm is melting temperature].
We use model 2 because we do not include the effects of melting
in the seismic anomalies for the reasons discussed earlier. We use a
value of 1 Hz for the frequency in the attenuation calculation.

The inversion procedure starts with an initial guess for temper-
ature and updates the temperature values at all the observational
points in the tomography until the difference of the calculated
anomalies with the observed seismic anomalies is minimized. We
also calculate temperatures accounting for uncertainties in the elas-
tic moduli and their temperature derivatives as in (Cammarano et al.
2003) and compare them with the results obtained here using the
mean values given in Table A1. Taking the maximum values of the
elastic parameters reduces the temperature sensitivity such that the
negative (positive) velocity anomaly decreases (increases) temper-
ature by a small (±90 K) magnitude. On the other hand, minimum
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Table A1. Mineral physics data used in this study.1

Mineral ρ KS μ K′ μ′ ∂K/∂T ∂μ/∂T a0 (10−4) a1 (10−7)
(kg m–3) (GPa) (GPa) (GPa K–1) (GPa K–1)

Olivine 3222 129 81 4.2 1.4 −0.017 −0.014 0.20 0.139
Orthopyroxene 3215 109 75 7 1.6 −0.027 −0.012 0.387 0.044
Garnet 3565 171 92 4.4 1.4 −0.019 −0.01 0.099 0.116
Wadsleyite 3472 172 121 4.5 1.5 −0.014 −0.014 0.232 0.0904
Majorite 3565 171 92 4.4 1.4 −0.019 −0.01 0.0991 0.1165

Note: 1 ρ: density, KS: adiabatic bulk modulus, μ: shear modulus, K′: pressure derivative of bulk modulus, μ′: pressure
derivative of shear modulus, ∂K/∂T: bulk modulus derivative with temperature, ∂μ/∂T: shear modulus derivative with
temperature, a0, a1 are constants in thermal expansivity, α = a0 + a1T. Values of elastic moduli and their derivatives
are from Cammarano et al. (2003) and thermal expansivity are from Saxena & Shen (1992).

parameter values increase the temperature sensitivity and therefore
the range of temperatures obtained, by ∼180 K.

Our approach has several differences from that of Cammarano
et al. (2003). First, we invert velocity anomalies, not absolute ve-
locities, for temperature anomalies, which are added to an assumed
reference geotherm To. Secondly, we use the Voigt averaging scheme
to calculate elastic moduli and density of the composite rock instead
of the Hashin Shtrikman scheme used by Cammarano et al. (2003).
Although the Voigt scheme is known to overestimate the converted
values (Watt et al. 1976), seismic velocities based on compositions
averaged by the Voigt scheme, which is representative of the upper
bound value for the composite (Watt et al. 1976), and the Reuss
scheme, which is representative of the lower bound value for the
composite (Watt et al. 1976), shows less than 0.2 per cent difference
in magnitudes. Since this error is within the range of the tomography
error (Biryol et al. 2016), we use the computationally simpler Voigt
scheme. Finally, elastic moduli at high pressures are extrapolated
using second-order accuracy instead of third-order for simplicity in
implementation of the inversion.

A P P E N D I X B : A P P E N D I X : C O U L O M B
S T R E S S C A L C U L AT I O N

Stress tensors in the model outputs are given as Cartesian stress
components with respect to x- and y-axes at 0◦ and 90◦ longitudes

and on the equator. Stress tensors are transformed according to a
rotation of the model domain by which the z-axis goes through the
centre of the domain. After this rotation, x- and y-axes approximately
coincide with east and north as understood in the model. Stress
tensors are further transformed such that x-, y- and z-axes in the
rotated Cartesian system coincide with a fault’s strike, updip and
normal directions (Fig. B1). We follow the convention that strike is
defined as the direction that puts a dipping fault plane on the right
and dip angle changes between 0◦ and 90◦. In the final coordinate
system, negative values of the shear stress on the fault plane, that is,
τ zx and τ zy correspond to right-lateral and downdip sense of motion,
respectively.

Figure B1. Cartoon sketch showing the sign convention for the strike, dip
and normal to the fault surface.
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